Abstract At active volcanoes, petrological studies have been proven to be a reliable approach in defining the depth conditions of magma transport and storage in both the mantle and the crust. Based on fluid inclusion and mineral geothermobarometry in mantle xenoliths, we propose a model for the magma plumbing system of the Island of El Hierro (Canary Islands). The peridotites studied here were entrained in a lava flow exposed in the El Yulan Valley. These lavas are part of the rift volcanism that occurred on El Hierro at approximately 40-30 ka. The peridotites are spinel lherzolites, harzburgites, and dunites which equilibrated in the shallow mantle at pressures between 1.5 and 2 GPa and at temperatures between 800 and 950°C (low-temperature peridotites; LT), as well as at higher equilibration temperatures of 900 to 1100°C (high-temperature peridotites; HT). ) peridotites. While type I fluids represent metasomatic phases in the deep oceanic lithosphere (at depths of 60-65 km) before the onset of magmatic activity, type II CO 2 fluids testify to two fluid trapping episodes during the ascent of xenoliths in their host mafic magmas. Identification of magma accumulation zones through interpretation of type II CO 2 fluid inclusions and mineral geothermobarometry indicate the presence of a vertically stacked system of interconnected small magma reservoirs in the shallow lithospheric mantle between a depth of 22 and 36 km (or 0.67 to 1 GPa). This magma accumulation region fed a short-lived magma storage region located in the lower oceanic crust at a depth of 10-12 km (or 0.26-0.34 GPa). Following our model, the 40-30-ka-old volcanic activity of El Hierro is related to this mantle-based magma system, a system that we propose fed the recent 2011-2012 eruption.
Introduction
A central question in forecasting eruptive behavior at active volcanic centers is: what is the architecture of the magma plumbing system? (cf. Shaw 1980a, b; Ryan 1987 Ryan , 1988 . This system exerts a critical control on the compositional variation of erupted magmas, as well as the depths and conditions at which they are stored, plus their residence time at different crustal/mantle levels (e.g., Sparks 2003; Peccerillo et al. 2006; Scandone et al. 2007 ).
A number of complementary studies combining both geophysical and petrological approaches can be used to gain insight into the internal structure of volcanoes (e.g., Bertagnini et al. 2003; Schwarz et al. 2004; Morgan et al. 2007; Stroncik et al. 2009 ). More specifically, fluid inclusions and mineral geothermobarometry can provide information on the depth of magma ponding and crystallization (c.f. Neumann 2001: Frezzotti and Peccerillo 2004; Hansteen and Klügel 2008) . Fluid inclusions record pressures of fluid entrapment and changes in fluid density in response to magma pressure variations over short time scales (Peccerillo et al. 2006) . They are therefore sensitive records of discrete magma storage regions.
This approach has been successfully applied to active volcanoes both in the oceanic and continental lithosphere (e.g., Hawaii, Canary Islands, Azores, and the Aeolian Islands; Roedder 1983; De Vivo et al. 1988 , Frezzotti et al. 1991 Hansteen et al. 1998; Zanon et al. 2003; Zanon and Frezzotti 2013) . In the Canary Islands, previous fluid inclusion studies suggested that the volcanoes' plumbing system transports magma directly to the lower crust (e.g., Hansteen et al. 1991 Hansteen et al. , 1998 Frezzotti et al. 1994; Andersen et al. 1995; Neumann et al. 1995; Viti and Frezzotti 2000; Klügel et al. 2005 Klügel et al. , 2015 . Although fluid inclusion investigations have failed to identify magma storage regions below the Moho, mineral-melt geothermobarometry indicates variable clinopyroxene crystallization from 15 to 45 km depth beneath La Palma and El Hierro (Stroncik et al. 2009; Barker et al. 2015; Klügel et al. 2015) .
Multidisciplinary research carried out following the last submarine eruption of El Hierro in 2011-2012 has identified the presence of two discrete magma storage regions located in the lower oceanic crust and the lithospheric mantle Becerril et al. 2013b; González et al. 2013; Martí et al. 2013a, b; Longpré et al. 2014; Klügel et al. 2015; Carracedo et al. 2015; Zaczek et al. 2015) . As summarized by Klügel et al. (2015) , magma transport in the oceanic crust is characterized by subhorizontal and lateral pathways forming temporary deep sheet intrusions (sills). These are fed by a deeper reservoir in the shallow lithospheric mantle. However, the nature of this sub-Moho magma storage region has not been fully resolved (e.g., Martí et al. 2013a) .
In this work, we concentrate on the reconstruction of the magma plumbing system of the El Hierro Volcano, focusing on magma storage in the oceanic lithospheric mantle. Following the approach of Frezzotti and Peccerillo (2004) , we performed geothermobarometry on fluid inclusions and minerals in ultramafic xenoliths from a lava flow located in the El Julan cliff, representative of rift volcanism activity (approximately 40-30 ka; Guillou et al. 1996; Carracedo et al. 2001; Becerril et al. 2013a ). The results allow us to model the internal structure of the El Hierro Volcano.
Geological setting
The Canary Islands archipelago (Spain) consists of seven main volcanic islands located on the continental rise off Cape Juby (northwest Africa). It extends for roughly 500 km along a ridge which originates on the margin of the African Plate (Fig. 1a ) (Robertson and Stillman 1979; Marinoni and Pasquaré 1994; Carracedo 1999; Marinoni and Gudmundsson 2000) .
The sub-aerial volcanic activity shows a general decrease in age westwards from 21 to 20 Ma at FuerteventuraLanzarote to less than 2 Ma at El Hierro and La Palma (Fig.1a) ; the latter are currently in their shield building phase (Schmincke 1982; Guillou et al. 1996; Carracedo 1999) . The islands lay on oceanic lithosphere formed during the opening of the Central Atlantic Ocean (∼ 150-180 Ma; Hoernle 1998) . The oceanic crust also shows a progressive thinning westward, from about 35 km at Lanzarote (Martinez-Arevalo et al. 2013 ) to 12-15 km at El Hierro. The main regional tectonic structures have been classified as Boceanic^in the Atlantic (N160-N180°E, N120-N135°E) and Bcontinental^nearer to Africa (N20°E, N45°E, N75°E) Hernán 1975, 2000; Füster 1975; Geyer and Martí 2010) .
Magmatic activity is dominated by alkali-basalts (picrites, basanites), with minor tholeiites and differentiated lavas (e.g., trachytes and phonolites). The origin of intraplate volcanic activity is still controversial (cf. Lustrino and Wilson 2007) . The most popular genetic hypothesis is the mantle plume model (e.g., Hoernle and Schmincke 1993; Carracedo et al. 1998; Duggen et al. 2009 ), although other interpretations have been proposed, including a local extensional model (Füster 1975) and an uplifted tectonic block model (Araña and Ortiz 1991) . Anguita and Hernán (2000) postulated a single unified model taking into account mantle plume dynamics combined with the regional tectonics to explain the initiation of mantle melting.
At El Hierro, sub-aerial volcanic activity started at 1.12 Ma, with massive lava flows in the NE of the island (Guillou et al. 1996) . Three main volcanic cycles have been identified, namely the Tiñor Edifice (1.12-0.88 Ma), the Golfo-Las Playas Edifice (0.545-0.176 Ma), and Rift Volcanism (0.158 Ma-present) (Carracedo et al. 2001; IGME 2010a, b, c, d; Becerril et al. 2013a) . These cycles are separated by quiescence, structural deformation, and sector collapses. Sector collapses have formed four main amphitheaters: Las Playas I and II (~545-0.176 and 0.176-0.145 Ma, respectively), El Julan (~0.158 Ma), and the Golfo (~87-39 ka) (Masson 1996; Masson et al. 2002 Masson et al. , 2006 Gee et al. 2001; Longpré et al. 2011) . Erupted lavas increase in alkalinity and degree of evolution through time (Stroncik et al. 2009 ). Lavas from the Tiñor Volcano are picritic to hawaiitic-tephritic in composition, whereas those of the Golfo-Las Playas edifice range from basanites to trachytes and nephelinites.
The last cycle, Rift Volcanism (158 ka-present), is characterized by cinder cones and relatively thin lava flows covering most of the island. Lavas are mainly alkali-picrites and basanites with minor tephrites (Carracedo et al. 2001) . Radiometric ages ranging from 158 to 2.5 ka broadly constrain the Rift Volcanism activity (Guillou et al. 1996; Carracedo et al. 2001) . Only one eruption has occurred in the last 600 years: a single submarine monogenic eruption in the La Restinga area in 2011-2012 (e.g., López et al. 2012; Martí et al. 2013a, b; Longpré et al. 2014) .
Abundant ultramafic xenoliths are reported in several lava flows and pyroclastic rocks on El Hierro (Neumann 1990 , Hansteen et al. 1991 Neumann et al. 2004) . For the present study, xenolith samples were collected from the El Julan Cliff Valley (27°41′ 27″ N-18°02′ 49″ W), which has not been sampled previously (Fig. 1b) . The outcrop consists of a massive basaltic lava flow about 3 m in thickness (Fig. 2a) , which is part of a continuous succession with no significant unconformity. No dates are available for this particular xenolithbearing lava flow, but its position is compatible with the Rift Volcanism activity at approximately 40-30 ka. In addition, Carracedo et al. (2001) dated two lava flows in this area (~1 km southwest) at 41 and 31 ka, respectively (K-Ar dating).
Analytical techniques
Peridotite modal compositions have been defined by multicolor image analysis (ImageJ and Photoshop C5 softwares), reconstructing the total pixel areas of minerals identified in thin sections.
A wavelength dispersive system (WDS) microprobe was used for major element composition of mineral phases, using double-polished thick sections. WDS analyses were performed with a JEOL JXA 8200 Superprobe, equipped with five wavelength dispersive spectrometers, energy dispersive X-ray spectroscopy (EDS), and cathodoluminescence detectors at the University of Milan. The operating conditions consisted of an acceleration voltage of 15 kV, at a beam current of 15 nA at 30 s counting time, with a spot size of 1 μm. The typical detection limit for each element was 0.01%. Natural and synthetic minerals were used as standards, within 2% at 2σ standard deviation. Structural formulae of minerals were processed using the NORM software of Ulmer (1986) .
Fluid inclusion microthermometry was carried out with a Linkam THMS600 heating/freezing stage, equipped with a Leitz microscope (40× objective), which operates in a temperature range between − 196 and 600°C at the University of Milano Bicocca. The instrument was calibrated checking CO 2 and H 2 O triple points (− 56.6 and 0.1°C, respectively) in natural and synthetic fluid inclusions (SYN-FLINC). An accuracy of ± 0.1°C was estimated in the temperature interval from − 90 to 31°C at the standard reference points, and of ± 0.2°C at other temperatures. The melting temperature (Tm) and the homogenization temperature (Th) of fluid inclusions were measured with a heating rate varying from 0.3 to 0.1°C/min. The density of CO 2 inclusions was calculated using the equation of Duschek et al. (1990) (BULK software; Bakker 2003) . Isochores were determined using the equation of Holloway (1981) (ISOCHORE software; Bakker 2003) . The selected equation is valid up to least 2000 K and 1.5 GPa. Molar volumes of CO 2 -N 2 fluids were derived by plotting fluid composition, determined by Fig. 1 Raman spectroscopy, and temperatures of measured sequences of phase transitions in the isochoric (cm 3 /mol) CO 2 -N 2 T-X diagram of van den Kerkhof (1988) and Klemd et al. (1992) . Isochores for CO 2 -N 2 fluid inclusions were calculated using the equation of Holloway (1977) , which is valid from 373 to 1273 K and up to 2 GPa (ISOCHORE software; Bakker 2003) .
Fluid inclusions were also analyzed by Raman microspectroscopy (Horiba Labram HR800) at the BG. Scansetti^Center of the University of Turin. A polarized Nd green laser operating at 532 nm wavelength and 80 mW emission power was used as the excitation source, with a spot size resolution of 1 × 1 × 3 μm. The slit width was 300 μm, the grating was 600 grooves/mm, and the corresponding spectral resolution was ± 1.5 cm . Raman spectra were collected with a 100× Olympus objective and three accumulations of 30 s. The calibration of the instrument has been checked daily using the 521 cm −1 silicon band. Determination of the relative molar fractions of end-member components in CO 2 -N 2 mixtures, as well as the characterization of daughter minerals in fluid inclusions was carried out following Frezzotti et al. 2012; (and references therein) . Spectra statistical fitting was performed Fig. 2 Garrabos et al. 1980 ) was applied using the equation of Kawakami et al. (2003) with an accuracy of better than 5% in the density range from 0.1 to 1.24 g/cm 3
. Selection of the Raman densimeter equation was performed comparing CO 2 density values derived from microthermometry with those calculated by Raman analyses applying existing empirical equations (cf., Frezzotti et al. 2012) in 20 fluid inclusions. The equation of Kawakami et al. (2003) was found to be the most accurate for studied fluid inclusions.
Composition and P-T equilibration conditions of peridotites
Ultramafic xenoliths are angular in shape and about 8-10 cm in width on average (Fig. 2a) . They are pale green in color, which is characteristic of fresh peridotites. The rock contacts are sharp and lava infiltrations are generally absent. The host basanite lava is unaltered, is porphyritic, and consists of olivine and Ti-augite phenocrysts (30 vol%) in a glassy groundmass. Eleven peridotites were selected for petrological and fluid inclusion studies.
Petrography and mineral chemistry of peridotites
The samples studied are type I peridotites (Frey and Prinz 1978) and consist of three spinel dunites (Ol 92-94, Cpx 1-4, Opx 4-6 vol%; samples XML 1, 5, and 10), three spinel lherzolites samples XML 3, 6, and 8) , and five spinel harzburgites (Ol 59-78, Cpx 2-4, Opx 18-38 vol%; samples XML 4, 7, 9, 11, and 12). Most harzburgites and lherzolites have protogranular textures, with 10 to 30 vol% recrystallization, and only one lherzolite (XML 3) grades into the porphyroclastic type. Reaction rims between xenoliths and host basanite are not observed. Some peridotites contain intragranular or intergranular glass microveins which do not reach the contact with the host lava.
Olivine and orthopyroxene are present as strained porphyroclasts (4-25 mm in size) and smaller polygonal strain-free neoblasts (≤ 2 mm in length). Olivine porphyroclasts (Ol I) are typically coarse grained, with several grains up to 25 mm in length. They show kink-bands ( Fig. 2b ) and may contain trails of spinel inclusions. Orthopyroxene porphyroclasts (Opx I) are similar in length. In less recrystallized protogranular harzburgites and lherzolites (about 10-20 vol% neoblasts), they show clinopyroxene ± spinel exsolution lamellae (Fig. 2c) . In more recrystallized protogranular peridotites and in the porphyroclastic lherzolite, Opx I shows clear rims (Fig. 2d) or does not contain exsolution lamellae (Fig. 2e ).
Olivine and orthopyroxene neoblasts (Ol II and Opx II) occur as interstitial grains or as aggregates of polygonal grains showing triple junctions. They are strain-free and may include minute spinel grains (Fig. 2f) . In spinel dunites, Ol II grains are distributed along preferred orientations, showing a rock foliation cutting large Ol I (Fig. 2h ). Clinopyroxene and spinel have smaller sizes on average (1 mm) than Ol I and Opx I and occur both as subhedral and as interstitial grains. They may form symplectites with orthopyroxene and olivine (Fig. 2g) .
In spinel harzburgites and lherzolites, olivine has a narrow Mg# ( 
Mineral geothermobarometry
Equilibration temperatures for peridotites were estimated considering the partitioning of Fe 2+ , Mg, and Ca between orthopyroxene and clinopyroxene (Wells 1977; We) , the two-pyroxene and the Ca-in-opx thermometers (Brey and Köhler 1990; BK2px and BKopx) , and the solubility of Ca and Al in orthopyroxene in equilibrium with olivine, clinopyroxene, and spinel (Witt-Eickschen and Seck 1991; WS). Temperature estimates were performed on exsolved porphyroclasts cores and on clear porphyroclasts and neoblasts of harzburgites and lherzolites.
Exsolved Opx I porphyroclasts provide equilibration temperatures of between 800 and 950°C. The BK2px thermometer provides the lowest equilibration temperatures at 800°C, while the We and BKopx thermometers give consistent temperatures ranging from 800 to 920°C. The WS thermometer provides the highest estimates, with temperatures reaching 950°C. Clear Opx I thermometry yields higher temperatures with respect to the exsolved porphyroclast thermometry, ranging from 900 to 1100°C. The BK2px thermometer again provides the lower estimates with temperatures of approximately 900°C. The We and BK opx thermometers yield more elevated T conditions of up to 980°C. The WS thermometer gives the higher equilibration temperatures, from 950 to 1100°C. Temperature estimates in neoblasts show that peridotites from El Hierro have been locally heated to T > 1100°C (We and BK thermometers).
From petrography and mineral geothermometry, it is possible to distinguish two groups of peridotites: a first group consists by harzburgites and lherzolites that present exsolved Opx I porphyroclasts, which show equilibration temperatures from 800 to 950°C (LT peridotites; XML 7, 8, 10, and 11). A second group corresponds to harzburgites and lherzolites that contain clear Opx I porphyroclasts and higher equilibration temperatures from 900 to 1100°C (HT peridotites; XML 3, 4, 5, and 9). Peridotites from El Hierro and the other Canary Islands have already revealed a bimodal temperature distribution, within the same temperature intervals (e.g., Neumann et al. 2002; i.e., HEXO and HTR peridotites) .
Pressures were estimated employing the Koehler and Brey (1990) ; KB geobarometer, which takes into consideration the diffusion of calcium in olivine. The minimum equilibration pressures correspond to 1.5 GPa, while the maximum conditions reach pressures of 2 GPa. It has to be noted, however, that the KB barometer is strongly temperature dependent; consequently, these pressure estimates are subject to a significant uncertainty.
Fluid inclusion studies Petrography of fluid inclusions
Nine representative samples of LT and HT peridotites were selected for fluid inclusion analysis. They consist of three dunites (XML 1, 5, and 10), four harzburgites (XML 4, 7, 9, and 11), and two lherzolites (XML3 and 9). Fluid inclusions are present in Ol I, Opx I, and clinopyroxene and are more abundant in LT peridotites. Neoblasts of Ol II and Opx II do not contain fluid inclusions.
Two main fluid inclusion assemblages (Roedder 1984; Bodnar 2003) occur. Early type I fluid inclusions are present only in Ol I and exsolved Opx I of LT peridotites (Fig. 3) . Inclusions have rounded or negative-crystal shapes and sizes from ≤ 3 μm to 50 μm in length. They occur either in small, spatially isolated clusters or as short intragranular trails often along preferred crystallographic orientations (Fig. 3a-c) . Type I inclusions are often associated with carbonate-rich inclusions and glass veins (Fig. 3b) .
At room temperature, inclusions are CO 2 -rich and single phase (L; Fig. 3c ), or they can contain several daughter minerals (i.e., carbonates, or carbonates + sulfates ± chlorides ± phosphates) and an opaque mineral (two-phase L + S inclusions; Fig. 3a, d ). The composition of the daughter mineral phases was determined by Raman microspectroscopy mapping (Fig. 4a) . Carbonates are dolomite, or Mg-calcite and magnesite; sulfates include anhydrite, sulfohalite, and MgSO 4 xnH 2 O; phosphate is apatite; the opaque phase is either spinel, magnetite, or hematite (Fig. 4b-f) .
The second fluid inclusion assemblage is represented by late type II CO 2 fluid inclusions. Type II inclusions were trapped at later stages in Ol I, Opx I, and clinopyroxene of both LT and HT peridotites. They occur as intragranular and intergranular trails of variable length and as isolated clusters (Fig. 5a, c) . In exsolved Opx I, type II inclusions are observed along preferential crystallographic orientations (e.g., 010; Fig.  5d ). Inclusions have negative-crystal or rounded shapes and sizes ranging from less than 1 to 40 μm in length (Fig. 5b) . At room temperature, they are single phase CO 2 (L) or, less commonly, two-phase inclusions (L + V; Fig. 5 ) and do not contain daughter minerals. Decrepitation textures are frequently observed, particularly in HT peridotites (Fig. 5b, d ).
Composition and density of fluid phases
The chemical composition and the density of type I and II fluid inclusions was determined by microthermometry and Raman microspectroscopy. For type II inclusions less than 3 μm in size, the density was calculated using the BRaman densimeter^ (Kawakami et al. 2003) .
Type I fluid inclusions
Phase transitions were observed in 15 single-phase (L) type I inclusions of two LT peridotites in the temperature range from − 190 to 20°C. On cooling, 14 inclusions froze at temperatures of − 95 to − 80°C. On subsequent heating, inclusions showed slow melting of solid CO 2, in a 2-3°C interval, with initial melting (Ti) recorded at about − 60°C, and final melting (Tm) from − 58.6 to − 56.9 ± 0.1°C (Fig. 6) . Homogenization temperatures to the liquid phase (ThL) ranged from − 52.0 to 8.0 ± 0.1°C. According to the classification of van den Kerkhof (1988) In all analyzed type I inclusions, the presence of nitrogen was confirmed by the N 2 band from 2328 to 2330 cm −1 in the Raman spectra (Fig.7 b, c ). An N 2 molar fraction (X N2 ) of 0.18 was calculated for the S4-type CO 2 -N 2 inclusion by quantitative Raman analysis (red arrow in Fig. 7a ). H3-type inclusions contain less N 2 , being X N2 comprised between 0.05 and 0.09 (Fig. 7a) . The molar volume of CO 2 -N 2 mixtures was derived by plotting the measured sequence of phase transitions in the CO 2 -N 2 T-X isochoric (cm 3 /mol) diagram (Fig. 8 ) of van den Kerkhof (1988) and Klemd et al. (1992) . For the S4-type inclusion (X N2 = 0.18 and Ths = −152°C), the corresponding molar volume is 34.5 cm 
Type II fluid inclusions
On cooling, type II CO 2 fluid inclusions froze at temperatures of − 95 to − 65°C. Solid CO 2 melted instantaneously from − 57.3 to − 56.5 ± 0.1°C (Tm; n = 50), with most measurements at − 56.6°C (Fig. 6) . Melting behavior indicates that fluid inclusions consist of pure CO 2 , as confirmed by Raman analysis. Liquid water and/or clathrates were not observed in any of the measured inclusions by either analytical technique.
Type II pure CO 2 inclusion homogenization occurred to the liquid phase (ThL; n = 512) with a scattered distribution from − 37.5 to 31.0 ± 0.1°C (Fig. 9) . Only 2% of the analyzed inclusions had homogenization to the vapor phase (not shown). When ThL values are plotted separately for inclusions in LT and HT peridotites, measurements define two frequency intervals at slightly different temperatures (Fig. 10) . In LT peridotites, the two frequency intervals range from − 37.5 to − 12°C and from 20 to 31°C, respectively (Fig. 10a) . In HT peridotites, the first ThL distribution interval occurs at slightly higher temperatures, from −24 to 0°C, while the latter occurs in the same interval from 20 to 31°C (Fig. 10b) . Corresponding CO 2 density values range between 1.11 and 0.99 ± 0.01 g/cm 3 and 0.75 and 0.65 ± 0.01 g/cm 3 in LT peridotites and between 1.04 and 0.91 ± 0.01 g/cm 3 and 0.75 and 0.65 ± 0.01 g/cm 3 in HT peridotites. As a general rule of thumb, the preservation of a fluid inclusion depends on both inclusion size and on the mechanical properties of the enclosing mineral (e.g., Bodnar et al. 1989; Campione et al. 2015) . For this reason, the distribution of ThL measurements for type II CO 2 inclusions was also investigated in the different mineral phases. As shown by the histograms in Fig. 11 , ThL distribution is similar in orthopyroxene and clinopyroxene where the lowest ThL values correspond to a density of 1.11 ± 0.1 g/cm 3 . Conversely, in olivine, ThL's are systematically higher, resulting in lower CO 2 densities which do not exceed 1.0 ± 0.1 g/cm 3 . Therefore, measured type II inclusions in olivine have not preserved fluid density at trapping P-T conditions.
To test if partial decrepitation and/or stretching in olivine was dependent on inclusion size, the densities of 37 inclusions with length ≤ 3 μm were calculated by applying the Raman densimeter of Kawakami et al. (2003) . In Raman spectra, measured distances of the CO 2 Fermi doublet (Δ) from 105.17 to 104.46 ± 0.03 cm −1 correspond to CO 2 densities between 1.11 and 0.85 ± 0.1 g/cm 3 (Fig. 12a ). This density interval is similar to that obtained by microthermometry in larger CO 2 inclusions in orthopyroxene and clinopyroxene (Fig. 12a) . Thus, data indicate a greater tendency of fluid inclusions in olivine to decrepitate than those in pyroxenes, probably due to mechanical failure on decompression from mantle depths.
Discussion Significance of fluid inclusion data
In mantle xenoliths, fluid inclusions represent either mantle metasomatic fluids, or fluids degassed by ascending basaltic magmas (cf., Andersen and Neumann 2001; Frezzotti and Touret 2014 , and references therein). The chemical composition and the density of metasomatic and magmatic fluids can vary, since trapping can occurs at different pressure and temperature conditions. Therefore, the chemical composition and the density distribution of fluid inclusions potentially provide important information on the depth of origin of mantle rocks, and/or on the episodes of magma storage at confined depths (cf., Andersen and Neumann 2001; Frezzotti and Peccerillo 2004; Hansteen and Klügel 2008) .
The reliability of fluid inclusions as geobarometers relies on the isochoric principle, governed by the fluid equation of Fig. 4 (Roedder 1965) . At trapping P-T conditions, the pressure of the fluid inside the inclusion equals the lithostatic pressure. During magma transport, however, the fluid undergoes evolving overpressure, since the external lithostatic or magmatic pressure becomes progressively lower than the original internal fluid pressure (Roedder 1984) . If fluid overpressure exceeds the mechanical strength of the enclosing mineral, fluid inclusions undergo decrepitation and stretching, with partialto-complete fluid loss, resulting in a density decrease.
Inclusion decrepitation and stretching depends on many variables, such as the composition, size, and distribution of the fluid inclusions, and the mechanical strength of the host mineral (e.g., Bodnar et al. 1989; Vityk and Bodnar 1998; Viti and Frezzotti 2001; Campione et al. 2015) , but it does not reflect a decrease in magma decompression rates. A decrease in the ascent rate of magma-corresponding to magma rest episodes at confined depths-can be proposed if decrepitation and stretching reset inclusion densities to newly defined lowerpressure intervals and new episodes of fluid trapping occur (cf., Andersen and Neumann 2001; Frezzotti and Peccerillo 2004; Hansteen and Klügel 2008) .
The present study reveals trapping of fluids during subsequent events. Type I inclusions represent the earlier and deeper fluids, as indicated by their distribution as small clusters or as crystallographically oriented groups in Ol I and exsolved Opx I of LT peridotites. Type I fluids are CO 2 -rich and contain variable amounts of N 2 , reaching 18 mol% in the densest inclusion (1.19 g/cm 3 ). Their association with CO 2 -N 2 inclusions containing carbonates, sulfates, ± chlorides and spinel, and with carbonate-silicate glass microveins suggests an origin by immiscibility processes from a volatile-rich carbonate-silicate melt in the lithospheric mantle.
In the Canary Islands, mantle metasomatism by carbonatite or carbonate-silicate melts, enriched in volatiles and incompatible trace elements, has been described previously in the literature. In particular, carbonate-rich hydrous fluids or melts have been reported in peridotites from Tenerife, Lanzarote, and La Gomera (Frezzotti et al. 2002a, b; Neumann et al. 1995 Neumann et al. , 2002 Neumann et al. , 2004 . Likewise, N 2 in CO 2 mantle fluids has been reported in peridotites from Lanzarote . Notably, the presence of N 2 in CO 2 -rich inclusions was Metasomatic processes predate the onset of Canary magmatism (Neumann et al. 2004) and are unrelated to the ascent history of peridotites in the host lavas.
At a later stage, ingression of lower-density CO 2 fluids occurred in both LT and HT peridotites. Type II inclusion distribution along intergranular trails is suggestive of fluid trapping by microfracturing of peridotites. CO 2 density distribution intervals suggest two distinct fluid trapping and reequilibration events (Fig. 10) . In LT peridotites (T = 800-950°C), density intervals are from 1.11 to 0.99 ± 0.01 g/ cm 3 and from 0.75 to 0.65 ± 0.01 g/cm 3 , respectively (Fig. 12a) . In peridotites equilibrated at higher temperatures (HT peridotites; T = 900-1100°C), CO 2 density distribution shows similar, but slightly lower values of 1.04 to 0.91 ± 0.01 and 0.75 to 0.65 ± 0.01 g/cm 3 , respectively (Fig. 12b) . The clear-cut variation of the chemistry of type II inclusions, which consist of pure CO 2 , suggests a different fluid origin, probably by degassing of magmas. Canary Island alkaline mafic magmas are carbon-rich and thus can begin to exsolve CO 2 -rich fluids at great pressures (> 1 GPa; Longpré et al. 2017) in the oceanic lithospheric mantle.
Fluid inclusion geothermobarometry
Once the composition and density of the fluids have been defined, temperatures need to be defined in order to calculate pressure conditions by fluid equations of state (Roedder 1965 (Roedder , 1984 . In general, the temperature of the host lavas is taken as being representative of fluid trapping conditions in mantle xenoliths (cf., Andersen and Neumann 2001; Hansteen and Klügel 2008) . In the present case, however, the preservation of type I inclusions only in LT peridotites and the density differences of type II CO 2 fluids in LT and HT peridotites suggest that xenoliths did not reach the same temperatures during ascent. For this reason, fluid trapping temperatures have been assumed based on mantle mineral geothermometry-800-950°C for LT peridotites and 900-1100°C for HT peridotites (Wells 1977 , Brey and Köhler 1990 and WittEickschen and Seck 1991 . For each temperature interval, the highest value was selected assuming a component of increasing temperature caused by the ascent of mantle xenoliths in the basaltic host lavas.
The P-T distribution of Type I and II fluid isochores is shown in Fig. 13 . The extremely high densities of type I CO 2 -N 2 fluids in LT peridotites (1.19 g/cm 3 ; inclusion S4), correspond to trapping pressures of 1.80 ± 0.02 GPa at 950°C (gray star in Fig. 13 ). This pressure is consistent with mineral geobarometry data, which indicate equilibration of peridotites in the mantle at 1.5-2.0 GPa for the same temperatures (Koehler and Brey 1990) .
Conversely, trapping and/or re-equilibration of Type II CO 2 fluids occurred at lower pressures (Fig. 13) during two distinct episodes of magma rest at confined depths. In LT peridotites, Fig. 9 isochore distributions for the denser type II inclusions correspond to pressures of between 1.00 and 0.67 ± 0.02 GPa, at 950°C (green band in Fig. 13 ). In HT peridotites, type II fluid isochores indicate similar, though slightly lower, pressures of 0.89 to 0.60 ± 0.02 GPa at 1100°C (blue band in Fig. 13 ). As illustrated in the P-T diagram in Fig. 13 , largely overlapping isochoric bands confirm that type II inclusions in both LT and HT peridotites record a common deep magma storage region. The somewhat higher pressure values calculated for type II fluids in LT rocks (Fig. 13) indicate that fluid inclusions are better preserved in rocks equilibrated at lower temperatures.
A second CO 2 trapping and re-equilibration event is defined by isochoric pressures (red isochore bands in Fig. 13 ) from 0.34 to 0.26 ± 0.02 GPa at 950°C (type II inclusions in LT peridotites) and from 0.36 to 0.28 ± 0.02 GPa at 1100°C (type II inclusions in HT peridotites). For both HT and LT peridotites, the isochore bands for type II inclusions differ from each other by only 0.02 GPa. This negligible pressure variation confirms the accuracy of the pressure estimates. This fluid trapping event corresponds to the last episode of magma rest before eruption.
Recent magma transport dynamics beneath El Hierro
In order to model magma transport dynamics beneath El Hierro, having established the P-T conditions for fluid trapping, we need to calculate the corresponding depths. Fluid isochoric pressures have been converted into depths based on the relation: h = P/(g * d), where h is the depth of origin or trapping of the fluids, P the lithostatic pressure, g the acceleration due to gravity (9.81 m/s 2 ), and d the density of column-rocks. Main rock layer densities have been defined based on the following simplified stratigraphic reconstruction: a sequence of volcanic products and rocks with a density of 2.5 g/cm 3 for the volcanic edifice (emergent and submarine height of island of about 4500 m; Acosta et al. 2005; Carracedo et al. 2012 ), a basaltic oceanic crust with a density of 2.7 g/cm 3 (about 8500 m), and lithospheric peridotites with a density of 3.3 g/cm 3 . Fluid inclusions studies in peridotite xenoliths show that polybaric magma transport characterizes the Rift Volcanism activity at about 40-30 ka. A schematic summary model, Figure 14 , is discussed below.
The El Hierro Volcano is built on oceanic crust about 12-15 km in depth (Martinez-Arevalo et al. 2013 ) lying on a thick lithosphere of about 90-95 km (Dasgupta et al. 2010) . Type I CO 2 -N 2 fluids associated with carbonate-silicate melts indicate that peridotites erupted from a source within the depth range of 60-65 km (P = 1.80 ± 0.02 GPa; gray star in Fig. 14) within the lower lithospheric mantle. As discussed in the previous sections, geochemical characteristics of the peridotites beneath the Canary Islands point to mantle metasomatism by carbonate-rich melts (e.g., Neumann et al. 2004 ). The presence of oceanic carbonatites of Oligocene to Lower Miocene age in Fuerteventura (Lebas et al. 1986 ) provides further support to a carbonate enriched lithospheric mantle.Type II fluid inclusions were formed during magma rest at confined depths for a period of time sufficient to allow CO 2 trapping. Fluid density distribution identifies two main magma accumulation regions. The deeper one is located in the shallow lithospheric mantle at depths of 37 to 22 km (Fig. 14) . This mantle magma reservoir served as the main storage area for the volcano and fed a smaller reservoir located at 10-12 km depth (Fig. 14) near the base of the oceanic crust, from where mafic magmas erupted.
Magma storage at crustal conditions does not appear to have been long-lived. The preservation of high-density type I and II inclusions suggests that mafic magmas arrived at the lower oceanic crust reservoirs shortly (a matter of days) before eruption. Longer magma stagnation would have caused the complete resetting of fluid inclusion densities to shallower ambient pressures (Wanamaker and Evans 1989; Hansteen and Klügel 2008) .
The lithospheric mantle reservoir revealed by this present study is particularly thick, of the order of 15 km (i.e., from 37 to 22 km depth). Thus, magma is likely to have been stored in a series of interconnected pockets distributed over this large depth interval (Fig. 14) . Similar magma accumulation as vertically stacked small reservoirs has been previously proposed for Kilauea and Piton de la Fournaise (Decker et al. 1987; Ryan 1988; Voog et al. 1999; Michon et al. 2015) . In these volcanoes, deep magma transport dynamics have been interpreted as the result of magma storage in the lithospheric mantle, either through a microfracture network system over a large depth interval (e.g., magma-fracking by CO 2 degassing; Shaw 1980a Shaw , 1980b Pollard et al. 1983; Decker et al. 1987) or in a porous mantle matrix (Gudmundsson 1987) . Partially molten mantle storage regions where magma is stored and undergoes degassing are considered to be long lived (Shaw 1980a, b; Pollard et al. 1983; Decker et al. 1987) ; although their formation is still not unanimously agreed on, they have been proposed in regions of oceanic intraplate volcanism characterized by slow magma supply (e.g., Shaw 1980a, b), which would be in agreement with the low long-term magma rate of the El Hierro Volcano (0.12-0.13 km 3 /ka; Carracedo 1999). The proposed polybaric magma storage system appears to agree with magma transport dynamics reconstructed for the 2011-2012 eruption (e.g., Meletlidis et al. 2012; Becerril et al. 2013b; González et al. 2013; Martí et al. 2013a, b; Longpré et al. 2014; Klügel et al. 2015) . Therefore, it seems that the magma plumbing system has been essentially the same for the last 30-40 ka. For instance, the upper limit of the deep magma storage region identified by fluid inclusions at approximately 22 km (Fig. 14) corresponds to the depth of the pre-sineruptive earthquake hypocenters (20-25 km) interpreted to reflect the magma source that fed the 2011-2012 eruption (e.g., López et al. 2012; Martí et al. 2013a, b; Longpré et al. 2014) . Furthermore, storage of the 2011-2012 magma in the lower oceanic crust is likewise considered to have been ephemeral, not developing into a long-term reservoir (e.g., Becerril et al. 2013b; Longpré et al. 2014; Martí et al. 2013a, b; Klügel et al. 2015) . These authors further interpreted the pre-eruptive lateral magma migration of about 15-20 km from the north towards the south as evidence of sill propagation. Although fluid inclusion data cannot resolve horizontal magma movements, temporary magma stagnation in a region of neutral buoyancy, such as the lower crust, might have favored lateral transport.
In oceanic islands, magma pathways are established in the early growth stages but evolve over time, along with the volcano. Our model does not indicate storage of magmas directly beneath the Moho (i.e., 15 to 25 km) for present rift volcanism activity, as previously proposed by Stroncik et al. (2009) based on clinopyroxene-melt geobarometric data in prehistorical lavas of undetermined age. Confinement of magmas at about 7-10 km below the geophysical interface of the oceanic crust and the mantle (12-15 km; Fig. 14) can be tentatively interpreted as an indication of magma underplating below El Hierro. At the nearby island of La Palma, progressive deepening of the magma plumbing system, induced by up to 10 km of magma underplating, has been recently proposed by Barker et al. (2015) . Similarly, geophysical data from the Canary Islands point to underplating beneath Tenerife and Gran Canaria at the same depth interval. In this respect, further studies of fluid inclusions in mantle xenoliths in lavas of older volcanic cycles of El Hierro should make it possible to trace the evolution of magma transport beneath this volcano over its entire history.
Summary and conclusions
Our present study focuses on the reconstruction of a model of the recent magma dynamics beneath El Hierro Island based on combined fluid inclusion and mineral geothermobarometry studies in mantle xenoliths entrained in lavas of the Rift Volcanism activity (40-30 ka). Two distinct fluid phases have been characterized by microthermometry and Raman microspectroscopy. Type I CO 2 -N 2 mantle metasomatic fluids were trapped at pressures of 1.80 ± 0.02 GPa, or about 60-65 km depth, before xenolith entrainment in the host lava. Type II CO 2 fluids, probably degassed from host mafic magmas, reveal two discrete magma accumulation regions: the first in the lithospheric mantle, from 1 to 0.60 ± 0.02 GPa, or 37 to 22 km depth, and a second in the lower oceanic crust, from 0.34 to 0.21 ± 0.02 GPa, or 12 to 10 km depth. The deeper accumulation region is interpreted as a stacked system of interconnected small magma pockets distributed in the lithospheric mantle beneath El Hierro, which fed a temporary lower crustal storage region.
Models of the internal structure of active volcanoes are important for constraining reliable monitoring strategies and forecasting volcanic eruptions (e.g. Peccerillo et al. 2006; Scandone et al. 2007; Becerril et al. 2015) . This fluid inclusion study produces a potentially accurate model for the El Hierro Volcano, since magma migration within the plumbing system is comparable to that registered during the 2011-2012 eruption. The implications are that magma migration from the deep reservoir should be monitored as a precursor to magma rise towards the surface and hence eruption. This could be achieved by considering both mantle seismicity, conceivably connected with upward migration of earthquake hypocenters, and changes in the gravity field as a consequence of magma migration within the plumbing system.
